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• New global data compilation of particle flux shows systematic increase in carbon (C) to phosphorus (P) 
export stoichiometry with depth.

• Increase in the C:P flux ratio in the twilight zone can lead to a significant drawdown of atmospheric 
pCO2.

• Further studies to elucidating mechanisms leading to spatiotemporal C:P flux variability in the twilight 
zone are required.13 
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Abstract  28 

The strength of the biological soft tissue pump in the ocean critically depends on how much organic carbon is 29 

produced via photosynthesis and how efficiently the carbon is transferred to the ocean interior. For a given amount 30 

of limiting nutrient, phosphate, soft tissue pump would be strengthened if the carbon (C) to phosphorus (P) ratio 31 

of sinking organic matter increases as the remineralization length scale of C increases. Here, we present a new 32 

data compilation of particle flux stoichiometry and show that C:P of sinking particulate organic matter (POM) in 33 

the ocean twilight zone is systematically higher than the Redfield C:P and the C:P ratio of surface suspended 34 

POM. We further demonstrate using a physics-biology coupled global ocean model combined with a theory from 35 

first principles that an increase in C:P flux ratio in the ocean’s twilight zone can lead to considerable variability 36 

in atmospheric pCO2.  37 

 38 

Plain Language Summary 39 

The ocean's twilight zone, located below the ocean's sunlit zone, is a region where many critical biogeochemical 40 

processes occur. Most notably, organic matter produced by primary producers in the surface ocean is consumed 41 

by microbes and animals here. How efficiently these organic matters are degraded exerts essential controls on 42 

atmospheric carbon dioxide levels and energy transfer in the marine food web. Here we show using new global 43 

data that organic carbon and phosphorus particles are degraded at different rates. This leads to a considerable 44 

change in carbon to phosphorus ratio at depth. We incorporate this variability into the 3D ocean model to show 45 

that such change can significantly perturb the global carbon cycle. The study ultimately highlights the need to 46 

accurately characterize the ocean's role in climate change by studying the particle dynamics in the twilight zone. 47 

1. Introduction  48 

Understanding the processes that transfer, transform, and store carbon in the ocean interior is critical for gaining 49 

a better picture of the evolution of the climate system (Sigman & Boyle, 2000). The biological carbon pump is 50 

one of the critical mechanisms whereby marine phytoplankton convert inorganic carbon into organic carbon via 51 

photosynthesis, and that carbon is subsequently transported into the ocean interior. The majority of sinking 52 

particulate organic matter (POM) is progressively consumed and respired by heterotrophic organisms and fuels 53 

their growth in the twilight zone (200 – 1000 m) of the ocean (Buesseler et al., 2007; Giering et al., 2014). If POM 54 

can penetrate deeper into the water column without being degraded in the twilight zone, more carbon can be 55 
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sequestered in the ocean as the residence time of the deep ocean is much longer than that of the surface ocean 56 

(Kwon et al., 2009; Matsumoto, 2007). 57 

 58 

The conventional thinking is that oceanic carbon storage due to the biological carbon pump is proportional to the 59 

total inventory of phosphate in the interior ocean that arrived through the biological “regenerated” pathway (Ito 60 

& Follows, 2005; Marinov, Gnanadesikan, et al., 2008). This hypothesis assumes a fixed C:P stoichiometry, where 61 

carbon transfer efficiency into the ocean interior is tightly coupled to the transfer of phosphate from surface to 62 

depth. Under this framework, an increase in POM transfer efficiency and associated drawdown on atmospheric 63 

pCO2 will rapidly deplete surface nutrients, most notably in the North Atlantic and the Southern Ocean regions, 64 

where most deep water is formed (Sarmiento & Toggweiler, 1984).  65 

 66 

Another school of thought proposes that the biological carbon pump can be strengthened if the C:P ratio of sinking 67 

POM increases with depth (Broecker, 1982a, 1982b; Knauer et al., 1979; Menzel & Ryther, 1964). This 68 

strengthening can happen if the remineralization length scale of POC becomes longer than that of POP such that 69 

C:P of the sinking POM exceeds C:P of upward inorganic flux (Christian et al., 1997). The seminal study by 70 

Menzel and Ryther (1964) demonstrated by sampling POM in the mesopelagic region of Western North Atlantic 71 

that particulate phosphorus is remineralized more quickly than particulate carbon or nitrogen. Subsequent studies 72 

based on sediment traps and hydrographic studies have supported this theory (Knauer et al., 1979; J. H. Martin et 73 

al., 1987; Minster & Boulahdid, 1987). Furthermore, a recent inverse model study (Teng et al., 2014) argues that 74 

depth-dependent change in C:P of sinking POM can better explain observed inorganic carbon and phosphate 75 

distribution than the model with fixed a C:P.  76 

 77 

Here, we provide new lines of evidence for linking vertical variability in the C:P ratio of sinking POM in the 78 

twilight zone to carbon storage by using a compilation of recently published data and the time-series data from 79 

the Bermuda Atlantic Time-series Study (BATS). We then use a global ocean biogeochemistry model, combined 80 

with a theory derived from first principles, to illustrate that increase in the twilight zone C:P ratio could 81 

significantly strengthen ocean biological carbon pump and drawdown of atmospheric CO2. Previous modeling 82 

studies explored the effect of changes in C:P in the surface POM involving phytoplankton on carbon export 83 

(Galbraith & Martiny, 2015; Kwiatkowski et al., 2018; Moreno et al., 2018; Ödalen et al., 2020; Tanioka & 84 

Matsumoto, 2017) but not the subsurface processes that change C:P. Our 3D modeling study investigates the 85 
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effects of C:P changes both at the surface and in the subsurface ocean that also involve stoichiometric interaction 86 

between phytoplankton and zooplankton.  87 

2. Methods 88 

2.1 Data compilation of sinking POM 89 

We compiled a new set of data on POC and POP fluxes based on previous compilations by Antia (2005), Faul et 90 

al. (2005), and Paytan et al. (2003) to gather POC and POP sedimentary flux data that have been collected 91 

simultaneously. Total P is the sum of reactive P and detrital P, where reactive P is the sum of authigenic P and 92 

acid-insoluble organic P (Faul et al., 2005). We have excluded coastal samples, and samples from the Southern 93 

Ocean as these sites are influenced mainly by resuspended or advected P (Faul et al., 2005). Despite a wide range 94 

in sample treatment protocols, consistent trends across data indicate that the trends are not artifacts of sample 95 

processing or storage after collection (Faul et al., 2005).  96 

 97 

We also included in our new data compilation several studies that were not included in the previous compilations 98 

(Benitez-Nelson et al., 2007; Engel et al., 2017; Grabowski et al., 2019; Karl et al., 2012; Lamborg et al., 2008; 99 

Lomas et al., 2010). As a quality control, we only include studies published after 2005 that report latitude and 100 

longitude information, and we took the average over the non-overlapping periods if multiple samples are taken 101 

from the same latitude and longitude. In addition, we limit our study to the samples below the epipelagic zone, 102 

operationally defined here as 100 m. Finally, for stations ALOHA and BATS, where multiple studies report 103 

sedimentary flux values, we selected the study by Grabowski et al. (2019) and Lomas et al. (2010) to represent 104 

the mean values for ALOHA and BATS, respectively. Selection processes based on the above criteria led to a 105 

total of 54 POC:POP flux ratio measurements (Table S1). We delineated each sample into separate oceanographic 106 
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regions (boundaries shown in Figure 1a) based on the 0.3 mmol m-3 contour of the annually averaged PO4 107 

concentration from World Ocean Atlas 2018 (Garcia et al., 2018).  108 

 109 
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Figure 1. Depth profiles of C:P of sinking POM from our new data compilation. (a) Locations of samples collected shown 
with red crosses superimposed on the modeled C:P of suspended POM at the surface. The boundaries are based on the 0.3 
mmol m-3 of the annually averaged surface PO4 concentration. (b) Depth profile of C:P flux ratio of sinking POM (red 
cross) with C:P of suspended POM in the top 300 m (blue circle; Martiny et al., 2013). C:P flux ratios from a 3D model 
with different values of bC (Martin b of POC) are shown with black dotted lines. Only the values between 100 and 2000 m 
are shown here. 
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In addition to the “snapshot” of particle flux measurements, we used the continuous sedimentary flux timeseries 110 

measurements of POC and POP fluxes from BATS (31° 40’ N 064°10’W), collected from 2006 to 2019 at three 111 

different depths (150, 200, and 300 m). Using this data, we computed Martin b exponent (𝐹(𝑧) ∝ (𝑧/𝑧!	)"#) for 112 

POP and POC separately for each time point using 150 m as a reference depth z0. POC and POP sedimentary 113 

particle flux from the BATS station were measured using the standard method previously described (Lomas et al., 114 

2010) and are publicly available (http://bats.bios.edu; last access April 23, 2021). All statistical analyses were 115 

conducted in R version 4.0.4 (R Core Team, 2021). 116 

 117 

2.2 Ocean Biogeochemical Model 118 

2.2.1 General Overview 119 

We conducted all numerical simulations by applying the transport matrix model (TMM) (Khatiwala, 2007; 120 

Khatiwala et al., 2005) as an efficient offline method to simulate the 3D transport of tracers in the global ocean. 121 

The Transport Matrices (TMs) used in this study are derived from the circulation of the Estimating the Circulation 122 

and Climate of the Ocean (ECCO) project, with a horizontal resolution of 1° by 1° and 23 levels in the vertical 123 

(Stammer et al., 2004). ECCO circulation field is optimized to best fit hydrographic and remote sensing 124 

observations as well as the mean age of water parcels constrained by transient tracers (radiocarbon and 125 

chlorofluorocarbons, CFCs)  (Khatiwala et al., 2012).  126 

 127 

TMM circulation field is coupled to Model of Oceanic Pelagic Stoichiometry (MOPS), a simple NPZD model 128 

with nine default prognostic variables: phosphate, nitrate, dissolved inorganic carbon, alkalinity, oxygen, 129 

dissolved organic phosphorus, detritus, a single class of phytoplankton, and a single class of zooplankton (Kriest 130 

& Oschlies, 2015). In the original MOPS, the central currency of the model is phosphorus and assumes a fixed 131 

stoichiometric ratio of C:N:P:-O2 = 117:16:1:151. Phytoplankton growth is limited by light and nutrients 132 

(phosphate and nitrate), assuming that the most limiting resource determines the growth rate. Phytoplankton is 133 

grazed by zooplankton as described a Holling Type III function with a quadratic dependence on phytoplankton 134 

biomass. The model assumes that a fixed fraction (15%) of egestion, zooplankton mortality, and phytoplankton 135 

loss is released as DOP, and the rest becomes detritus. Attenuation of detritus (POP) down the water column is 136 

described via the Martin Curve: 𝐹(𝑧) ∝ (𝑧/𝑧!	)"#, and we refer to parameter b as the “Martin b” throughout this 137 

paper. A fraction of detritus that reaches the seafloor is buried instantaneously, and the non-buried fraction is 138 

resuspended back into the water column. The global river runoff equivalent to the annual flux of total organic P 139 

buried in the previous year is resupplied to the surface box to close the phosphorus budget (Kriest & Oschlies, 140 
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2013). The key biogeochemical parameters, including the Martin b for POP, were objectively calibrated 141 

specifically for the ECCO transport matrix field to match observed PO4, O2, and NO3 (Kriest et al., 2020; Figure 142 

S1).  143 

 144 

2.2.2 Flexible C:P dynamics 145 

This study added four new state variables related to organic carbon: phytoplankton carbon, zooplankton carbon, 146 

DOC, and detritus carbon (which we refer to as POC) to simulate the variable C:P ratio of organic matter. 147 

Phytoplankton P:C ratio in production layers is modeled using the power-law formulation as a function of ambient 148 

temperature and PO4 (Tanioka & Matsumoto, 2017, 2020): 149 

 150 

[𝑃: 𝐶]$%& = [𝑃: 𝐶]$%&,()* ∙ /
[$,!]
[$,!]"

0
.#$!
#:&

∙ //
/"
0
.'
#:&

        (1) 151 

 152 

The exponents are the sensitivity factors determined by a meta-analysis (Tanioka and Matsumoto, 2020a), and the 153 

subscript “0” indicates the reference environmental values, where at these values, P:C equals the reference P:C 154 

(i.e., [𝑃: 𝐶]$%&,()* = Redfield Ratio = 1:117). The complete list of parameters used in the model is provided in 155 

Table S4. 156 

 157 

Zooplankton P:C ratio is flexible and computed as a function phytoplankton P:C in a power-law formulation: 158 

 159 

[𝑃: 𝐶]011 = [𝑃: 𝐶]011,()*
2"%[𝑃: 𝐶]$%&

%        (2) 160 

 161 

where H is the homeostasis parameter, which takes a value of 0 when zooplankton P:C is completely homeostatic 162 

and a value of 1 when [𝑃: 𝐶]011 is directly proportional to [𝑃: 𝐶]$%&. In our study, we use H of 0.08 based on the 163 

meta-analysis by Persson et al. (2010) and assign the reference P:C of zooplankton, [𝑃: 𝐶]011,()*, equal to the 164 

Redfield ratio of 1:117. For zooplankton to maintain homeostatic C:P, zooplankton egests excess C into the 165 

environment as a new POC to cancel the mismatch between C:P of prey and the optimal C:P. Although studies 166 

suggest that 10-30% of POC ingested by zooplankton is released as DOC  (Steinberg & Landry, 2017), we assume 167 

here for simplicity that all of the egested carbon goes to the POC pool.  168 

 169 
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For this study, we further assume that phytoplankton are always more C-rich than zooplankton (i.e., [𝑃: 𝐶]$%& <170 

	[𝑃: 𝐶]011) by setting hard-bound maximum [𝑃: 𝐶]$%& to equal 1:117. With this simplification, zooplankton will 171 

only release excess C but not excess P. This ensures that the stoichiometry regulation of zooplankton will not 172 

affect values of inorganic nutrients and allows a fair comparison of model results across different sensitivity runs 173 

mentioned later. Some laboratory studies support our assumption that phytoplankton are more carbon-rich than 174 

zooplankton even under P-sufficient conditions (e.g., Boersma et al., 2009), and we believe that release of excess 175 

P by zooplankton occurs much less frequently than the release of excess C in most of the open ocean. However, 176 

future studies would be needed to accurately model C:P of both phytoplankton and zooplankton under P-sufficient 177 

conditions and how the release of excess P via stoichiometric regulation could impact biogeochemical fluxes.   178 

 179 

Kinetic parameters such as rate constants (λ) for remineralization for various source-minus-sink terms of POC 180 

and DOC are identical to those of POP and DOP, respectively. In the control run, the same Martin parameter (b = 181 

1.46) is assigned to both POC and POP so that there is no preferential remineralization of one over the other. This 182 

Marin b value of 1.46 is specifically derived for MOPS (Kriest et al., 2020) and is different from the original 183 

Martin b parameter of 0.86 (J. H. Martin et al., 1987). A full description of source-minus-sink terms of the ocean 184 

biogeochemistry model is given in Text S1.  185 

 186 

2.2.3 Numerical experimental setup 187 

We initialized MOPS for 3000 years under the constant climate scenario with fixed atmospheric pCO2 at 280 ppm 188 

using monthly mean TMs, wind speed, temperature, salinity, and spatially variable P:C uptake ratios for 189 

phytoplankton and zooplankton following Equations (1) and (2). Our modeled surface POC:POP (Figure 1a) 190 

generally follows the observed latitudinal pattern with high values in the nutrient-deplete warm subtropical gyres 191 

and lowest values in the nutrient-rich subpolar and polar regions (Figure S2). Following the 3000-year spin-up 192 

run, at which point the model has reached a steady state, we conducted sensitivity experiments to evaluate the 193 

response of the soft tissue pump to change in the C:P ratio of sinking POM. We systematically varied the Martin 194 

b parameter for POC (bc) between 0.5 and 1.75 while keeping the Martin parameter for POP (bP) constant at 1.46 195 

to allow preferential remineralization of POP and POC over one another. When bC is less than the fixed bP of 1.46, 196 

POP is preferentially remineralized over POC, and vice versa when bC is greater than 1.46. Keeping the POP 197 

attenuation profile constant and not considering CO2 radiative feedback across sensitivity runs ensures that the 198 

concentrations of all non-carbon tracers are identical in each sensitivity run. This way, we can effectively isolate 199 

the effect of C:P on the strength of soft-tissue carbon pump without changing preformed and regenerate phosphate 200 
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concentrations. We conducted each sensitivity run for 1000 years following a 3000-year control run to a new 201 

equilibrium state. The total amount of carbon in the ocean-atmosphere system remains constant as C:P of river 202 

supply, and burial are fixed at 117, and phosphate inventory is steady. We assumed OCMIP-type, fast gas 203 

exchange protocol where surface ocean pCO2 at each time step is in equilibrium with atmospheric pCO2. In 204 

addition, alkalinity is kept spatially uniform in all the sensitivity runs. These assumptions used in previous studies 205 

(Marinov, Follows, et al., 2008; Marinov, Gnanadesikan, et al., 2008) are essential for isolating the effects of the 206 

soft-tissue pump on atmospheric pCO2 and comparing model results with the theoretical predictions.  207 

3. Results 208 

3.1 Depth-dependent change in POC:POP flux ratio 209 

Our new data compilation indicates that the C:P ratio of sinking POM in the twilight zone is generally higher than 210 

the regionally averaged C:P of suspended POM in the top 300 m in the overlying water column (Figure 1b). 211 

Observed C:P flux ratios in the twilight zone range between 83:1 and 500:1 with the global median of 280:1 212 

(Table S2). This is approximately a factor of two greater than the global weighted mean C:P of suspended matter 213 

of 146:1 in the top 50 m (Martiny et al., 2013). Regionally, the tropical Atlantic region exhibits the highest C:P 214 

flux ratio of 334:1 in the twilight zone, followed by tropical Pacific (C:P = 274:1) and the Subtropical North 215 

Atlantic (C:P = 274:1). The Subpolar North Pacific region shows the lowest C:P flux ratio of 142:1 but is still 216 

higher than the mean surface suspended particle C:P of 94:1 in that region (Martiny et al., 2013, 2014). Although 217 

the limited sample size and averaging across multiple depth horizons preclude us from making firm conclusions, 218 

our new data compilation confirms previous findings that the mean C:P flux ratio of sinking organic matter in the 219 

mesopelagic zone is generally higher than the C:P of suspended POM (Knauer et al., 1979; Menzel & Ryther, 220 

1964).  221 

 222 

In addition to the global compilation, POM dynamics in the BATS ocean time-series provide continuous 223 

sedimentary POC and POP fluxes in the top mesopelagic depths (150 ~ 300 m) from 2003 to 2019. Median Martin 224 

b is significantly higher for POP (bP = 1.28) compared to POC (bC = 0.98), which indicate a shallower 225 

remineralization profile of POP over POC (Figure 2b, Table S3). There were no temporal shifts in the magnitude 226 

of Martin b for POP and POC between 2006 and 2019, but the systematic difference in Martin b for POP and POC 227 

at BATS is persistent over time (Figure 2a), indicating that preferential remineralization of POP over POC is a 228 

prevalent feature in the subtropical region. 229 
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 230 

3.2 Effects of variable C:P export stoichiometry on pCO2: Theory and Model Results 231 

Following the first-principle argument (Ito & Follows, 2005; Marinov, Follows, et al., 2008; Marinov, 232 

Gnanadesikan, et al., 2008), the total ocean carbon storage due to soft-tissue pump (𝑂𝐶𝑆.1*3) can be determined 233 

by the remineralized PO4 inventory (𝑃𝑂4()567444444444444) scaled by a global mean C:P ratio of remineralization (𝑟8:$):  234 

 235 

𝑂𝐶𝑆.1*3 = 𝑟8:$ ∙ 𝑃𝑂4()567444444444444 ∙ 𝑉1:         236 

																= 𝑟8:$ ∙ (𝑃𝑂444444 − 𝑃𝑂4;()*4444444444) ∙ 𝑉1:        (3) 237 

 238 

where VOC is the ocean volume, and 𝑃𝑂444444 (= 2.14 mmol m-3) and 𝑃𝑂4;()*4444444444 (= 1.09 mmol m-3) are global volume 239 

averages for total PO4 and preformed PO4, respectively obtained from our MOPS-ECCO model simulation at 240 

steady state. Preformed PO4 in the ocean interior in model simulations is computed from AOU and fixed -O2:P of 241 

151.1. Our modeled mean PO4 compares well with observed global mean PO4 of 2.26 mmol m-3, and mean 242 

observed preformed PO4 concentrations of 2.2 mmol m-3 and 0.8 mmol m-3 for Antarctic Bottom Water (AABW) 243 

and North Atlantic Deepwater (NADW), respectively (Duteil et al., 2012).   244 

 245 
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(A) Martin b at BATS (150 ~ 300 m) (B) Average Martin b at BATS (2006 - 2019)
Welch t-test: p < 0.05 

Figure 2. Martin b estimated from POC and POP flux profiles at BATS. (a) Time-series of the Martin b parameters from 2006 
to 2019 for POP (red) and POC (blue). Smooth lines are Locally Weighted Least Squares Regression. (b) Violin plot for 
average Martin b values at BATS from 2006 to 2019. The whiskers of the box plot cover 95% confidence interval and the box 
shows 25%, 50%, and 75% percentiles. The median values of bP and bC are 1.28 and 0.98, respectively (p < 0.05).  
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Atmospheric pCO2a can be related to global mean C:P assuming constant phosphate inventory, total buffered 246 

carbon in the ocean (Cbuffered), and pCO2 when 𝑂𝐶𝑆.1*3	is zero (𝑐2 = 651 ppm): 247 

 248 

𝑝𝐶𝑂<= ≅ 𝑐2 ∙ 𝑒
"

$&()*+,
&-.++/0/1 =	𝑐2 ∙ 𝑒

"
0&:#∙(#$!44444445#$!60/+44444444444444)∙8*9

&-.++/0/1       (4) 249 

 250 

The definition of  “buffered carbon” (Cbuffered) follows that of previous studies (Goodwin et al., 2007; Marinov, 251 

Follows, et al., 2008; Marinov, Gnanadesikan, et al., 2008): 252 

 253 

𝐶#>**)()? = 𝑀= ∙ 	𝑝𝐶𝑂<= + 𝑉1: ∙ 𝐷𝐼𝐶)@44444444/𝑅 ≅ constant 254 

 255 

where Ma is the mass of the atmosphere, R is the Revelle buffer factor, and 𝐷𝐼𝐶)@44444444 is the globally averaged surface 256 

equilibrium DIC.  257 

 258 

We posit that the global mean C:P of remineralization (𝑟8:$) can be predicted as the ratio between globally 259 

integrated flux of POC and POP in the twilight zone: 260 

 261 

𝑟8:$ ≅
∫ B9,"C

;
;*
D
5-&?0;<

;*

∫ B#,"C
;
;*
D
5-#?0;<

;*

= 𝑟8:$(𝑧!) ∙ 	
∫ C ;;*

D
5-&?0;<

;*

∫ C ;;*
D
5-#?0;<

;*

       (5) 262 

 263 

where 𝑟8:$(𝑧!) is the global mean C:P of NPP in the euphotic zone at depth z0; bP and bC are Martin’s b exponent 264 

for POP and POC, respectively, and 𝑧E is the bottom of the depth of the twilight zone. For theoretical prediction 265 

of the global mean 𝑟8:$	from Equation (5), we use fixed surface reference depth z0 of 100 m and tested different 266 

mesopelagic depth horizons z’ (250, 1000, and 2000 m). We compared true OCSsoft and pCO2a from the model 267 

output with the theoretical predictions based on Equations (3) – (5) and assessed how well rC:P could be estimated 268 

from the Martin b parameters alone.  269 

 270 

Figure 3 illustrates the relationship between rC:P and the strength of the soft-tissue pump at steady-state. Each 271 

steady state model results with different values of bC are shown as individual points with different colors. 272 

Theoretical predictions with different mesopelagic depth horizons z’ are shown with lines, and the depth selection 273 

z’ of 1000 m best matches the model results. A good agreement between the model result and theory gives us 274 
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confidence that remineralization occurring in the top 1000 m is a vital determinant of the rC:P, and much of the 275 

change in rC:P can be explained by preferential remineralization of POP over POC occurring in the twilight zone 276 

(between 250 - 1000 m) and not in the epipelagic or bathypelagic regions of the ocean. If z’ is less than 277 

approximately 1000 m, the strength of the soft-tissue pump is underestimated for a given value of rC:P, while 278 

selecting z’ that is too deep leads to an overestimation of the soft-tissue pump. 279 

 280 

Our model results suggest that rC:P can change the strength of ocean soft-tissue pump and atmospheric CO2 281 

drawdown in two ways. First is via a change in the surface C:P ratio of productivity, 𝑟8:$(𝑧!), and this effect can 282 

be visualized by comparing the model output with fixed C:P (“Redfield”) and the “Control (bc = bp)” run with 283 

variable C:P at the surface but no preferential remineralization at depth. Incorporating variable surface C:P can 284 

increase carbon export at 100 m by 3.0 PgC yr-1 compared to the Redfield run and increase the total carbon storage 285 

by 422 PgC or 21% (Table S5). It is important to note that this mechanism implicitly assumes that small cells are 286 

exported more efficiently if the increase in C:P of phytoplankton is tied to the reduction in the weighted size of 287 

the phytoplankton.  288 
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Figure 3. Comparing model and theoretical prediction on the influence of rC:P on ocean carbon storage at steady state. The 
relationship between rC:P and (a) ocean carbon storage due to soft-tissue pump and (b) atmospheric CO2. In both panels, model 
results are shown with dots and theoretical predictions with different twilight zone depth range z’ is shown with black lines. 
The color for plots indicates different Martin b parameter for POC used in the simulations. Also shown are threshold OCSsoft 
and pCO2 when the entire phosphate is in the regenerated form under fixed rC:P of 117.  
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The second effect for strengthening soft-tissue pump is via an increase in remineralization depth profile of POC 290 

from reducing bC. The global mean C:P remineralization ratio, rC:P, increases from 142 in the control run with no 291 

preferential remineralization to as high as 309 when bc is roughly halved from 1.46 to 0.75. Halving bc in the 292 

model decreases pCO2 by ~180 ppm from 305 ppm to 128 ppm and more than doubles the carbon storage by the 293 

soft-tissue pump. Given that the expected pCO2, when the entire PO4 reservoir is in the regenerated form at a fixed 294 

rC:P of 117, is ~183 ppm, this level of reduction in pCO2 is extremely large and perhaps unlikely to occur. 295 

However, given the large spread in bc required to explain the observed C:P of POM flux (Figure 1), our sensitivity 296 

model runs indicate the potential of particle flux stoichiometry to significantly perturb the global carbon cycle.   297 

 298 

An increase in the particle rC:P in the twilight zone and the subsequent strengthening of soft-tissue carbon pump 299 

leads to reduction of DIC in the surface and more DIC sequestration in the mid to deep ocean (Figure S3). In the 300 

“Control” model run with variable C:P at the surface but with no change in C:P at depth, ΔDIC from the Redfield 301 

run is mainly limited in the top 1000 m, and the carbon sequestration signal does not penetrate to the deep ocean 302 

(Figure S3c, d). However, when we allow the depth-dependent increase in POC:POP flux via assigning the lower 303 

value of bC, the signal of variable stoichiometry can potentially readily reach the deep ocean. The largest DIC 304 

increase occurs in the deep North Pacific Ocean, reflecting the greater accumulation of respired carbon along the 305 

deep branch of the overturning circulation (Figure S3e, f). Accumulation of DIC in the deep Pacific is 306 

accompanied by a considerable reduction of DIC concentration in the surface ocean and NADW, which is 307 

indicative of the subduction of the DIC deplete surface water transported poleward. Our result is unique in that 308 

redistribution of DIC can occur without a change in the nutrient distribution, and the change in DIC distribution 309 

is entirely through the change in particle export stoichiometry. 310 

 311 

4. Discussion and Outlook 312 

We do not currently have a good understanding of the mechanisms that can lead to an increase in C:P of sinking 313 

POM fluxes in the twilight zone. However, previous studies (Broecker, 1982b, 1982a; Wakeham et al., 1984) 314 

speculated that decoupling of POC and POP remineralization could occur at least three ways: (1) selective removal 315 

of the more labile organic matter fractions during the digestive process of zooplankton, (2) formation of fecal 316 

pellets enriched with non-labile organic matter such as fiber, and (3) consolidation of fragmented sloppy feeding 317 

material and fecal material into larger sinking particles. 318 

 319 
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Since a large proportion of phytoplankton biomass produced in the surface ocean is eaten by zooplankton (Menzel, 320 

1974), C:N:P of sinking POM could also vary with the quantity and quality of phytoplankton that have been 321 

consumed by zooplankton (Knauer et al., 1979; Polimene et al., 2017). For example, when food quality is low 322 

(i.e., high C:P of prey), zooplankton retains nutritive elements such as P and N while releasing crude fiber carbon 323 

behind as feces leading to high C:P of fecal pellets (Steinberg & Landry, 2017). In contrast, when the food quality 324 

is high, fecal matter C:N:P would be close to phytoplankton C:N:P as the large amount of P and N remain in the 325 

feces (Sterner, 1990; Tamelander et al., 2012). Therefore predator-prey interactions and prey stoichiometric 326 

composition are likely to be essential drivers of variability in C:P of sinking particles (Bach et al., 2020) and 327 

provide plausible reasoning why there is a larger positive deviation of C:P of sinking POM from surface suspended 328 

POM in the oligotrophic regions (e.g., Subtropical North Pacific) but smaller positive deviation in more nutrient-329 

rich regions (e.g., Subpolar North Pacific).  330 

 331 

Microbial transformation of sinking particles can further give rise to C:P with depth if microbes attached to the 332 

particles preferentially remineralize P over C (Karl et al., 1996; Taylor et al., 1986). For dissolved organic matter 333 

(DOM), the preferential remineralization of P over C via microbes have been extensively documented (Clark et 334 

al., 1998; Duhamel et al., 2021; Loh & Bauer, 2000; Lønborg et al., 2009). However, preferential remineralization 335 

of POM is somewhat more uncertain because the biochemical compositions of DOM and POM are quite different 336 

(Loh & Bauer, 2000). Using 31P-NMR spectroscopy, it has been shown that organic P compounds in sinking 337 

POM are generally similar to that of live phytoplankton and significantly different than in the DOM pool (Paytan 338 

et al., 2003). Furthermore, the large sinking particles are generally poor habitats for bacterial growth (Cho & 339 

Azam, 1988; Karl et al., 1988). Although preferential removal of different types of particulate organic phosphorus 340 

compounds, such as phosphonates relative to phosphoesters, have been observed (Benitez-Nelson et al., 2004), 341 

and bacteria are known to have a greater tendency for consuming P than C from their food substrates in both open 342 

ocean and coastal waters (Gundersen et al., 2002), we do not currently have a good understanding of mechanisms 343 

how bacteria attached to sinking POM can preferentially remineralize P over C (Benitez-Nelson, 2000; Benitez-344 

Nelson et al., 2004). 345 

 346 

Physical mechanisms such as abiotic particle fragmentation that physically removes P may also increase the C:P 347 

flux ratio at depth. It has been suggested that the smaller, older refractory particles that have undergone more 348 

fragmentation contribute a greater fraction of POM collected in the deeper trap samples because smaller particles 349 

generally have a longer residence time in the oceans (Karl et al., 1988; Wakeham et al., 1984). Physical mixing 350 
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and circulation are also likely to be vital in explaining why C:P flux ratios do not continue to increase indefinitely. 351 

For example, the C:P flux ratio at HOT at 4000 m is ~ 200:1 (Karl et al., 2012) and is not noticeably higher than 352 

the C:P of suspended POM in the surface. As nutrient concentrations in the deep ocean show that the globally 353 

averaged bulk of organic matter remineralization occurs in approximately Redfield ratio (Anderson & Sarmiento, 354 

1994), the physical mechanisms maybe playing critical roles in averaging the signal of elevated POC:POP in the 355 

surface and twilight zone from reaching the deep ocean (Shaffer et al., 1999; Weber & Deutsch, 2010). A further 356 

investigation is required for deciphering different physical and biogeochemical mechanisms responsible for 357 

modulating C:P flux stoichiometry in the different depth horizons.   358 

 359 

Ocean biogeochemical models are beginning to incorporate flexible C:N:P of phytoplankton and are investigating 360 

their roles in the global carbon cycle both in the modern and the palaeoceanographic context (Kwiatkowski et al., 361 

2018; Matsumoto et al., 2020; Moreno et al., 2018; Ödalen et al., 2020; Séférian et al., 2020). However, most 362 

models do not yet explicitly consider a change in the elemental stoichiometry of POM once it leaves below the 363 

euphotic zone. Here, we have shown the feasibility of a simple approach in changing the C:P of sinking POM by 364 

assigning different Martin parameter b values for POC and POP (Figure 2). Observations show that different 365 

Martin b values should be assigned for different elements and molecules, including iron, silica, and chlorophyll 366 

(Boyd et al., 2017; Buesseler et al., 2007). In future studies, models could explore how the spatially variable values 367 

of element-specific Martin b could impact the export strength of the carbon pump. In this regard, other 368 

mathematical forms of remineralization profiles such as exponential function (Armstrong et al., 2001; Lauderdale 369 

& Cael, 2021; Pavia et al., 2019) may be more realistic than the Martin power-law as it can prevent the flux 370 

stoichiometry from increasing indefinitely with depth. In addition to modeling passive fluxes, models also need 371 

to consider active transport of material via vertically migrating animals and how they change C:N:P flux 372 

stoichiometry in the twilight zone (Hannides et al., 2009; Saba et al., 2021; Schiettekatte et al., 2020).  373 

 374 

In summary, we showed through the combination of observation, theory, and numerical modeling that the change 375 

in the elemental stoichiometry of sinking POM in the twilight zone could be playing a significant role in ocean 376 

biogeochemistry. Our new data compilation supports the notion that preferential removal of P over C of sinking 377 

POM at depth is occurring globally.  This has an important implication for the global carbon cycle, and we showed 378 

using a 3D model and theory that C:P variability in the subsurface can significantly modulate the strength of 379 

carbon sequestration by at least 20%. However, many biogeochemical processes in the ocean twilight zone that 380 

govern particle transfer are still enigmatic (Boyd et al., 2019; Robinson et al., 2010). Future studies using new 381 
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technologies such as Underwater Vision Profilers, robots (Yoerger et al., 2021), and autonomous Argo floats 382 

(Briggs et al., 2020) could significantly advance our current understanding of particle dynamics in the twilight 383 

zone (A. Martin et al., 2020).   384 
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